The isotopic characteristics of CH 4 (δ 13 C values range from -101.3‰ to -61.1‰ PDB, and δD values range from -256‰ to -136‰ SMOW) collected during Ocean Drilling Program (ODP) Leg 164 indicate that the CH 4 was produced by microbial CO 2 reduction and that there is not a significant contribution of thermogenic CH 4 to the sampled sediment gas from the Blake Ridge. The isotopic values of CO 2 (δ 13 C range -20.6‰ to +1.24‰ PDB) and dissolved inorganic carbon (DIC; δ 13 C range -37.7‰ to +10.8‰ PDB) have parallel profiles with depth, but with an offset of 12.5‰. Distinct downhole variations in the carbon isotopic composition of CH 4 and CO 2 cannot be explained by closed-system fractionation where the CO 2 is solely derived from the locally available sedimentary organic matter (δ 13 C -2.0‰ ± 1.4‰ PDB) and the CH 4 is derived from CO 2 reduction. The observed isotopic profiles reflect the combined effects of upwards gas migration and decreased microbial activity with depth.
INTRODUCTION

Background
Ocean Drilling Program (ODP) Leg 164 was devoted to investigating amounts and in situ characteristics of natural gas hydrates contained in marine sediments. Sites 994, 995, and 997 were drilled along a ~10-km-long transect across the crest of the Blake Ridge ( Fig. 1) to depths of 700-750 mbsf. A well-developed bottom simulating reflector (BSR) occurs under Sites 995 and 997, whereas Site 994 has no underlying BSR. Sites 994, 995, and 997 were drilled through the depth of the acoustically detected BSR (~450 m). Four short-hole sites (total depth of 49-63 mbsf) were also drilled along the flanks and crest of the Cape Fear (Sites 991, 992, and 993) and Blake Ridge diapirs (Site 996; Fig. 1 ; Paull, Matsumoto, Wallace, et al., 1996) .
Gas hydrate nodules were recovered, the largest of which was ã 30-cm-thick horizon of massive gas hydrate. Shipboard gas hydrate decomposition experiments revealed that evolved gases are composed of ~99% CH 4 and ~1% CO 2 (Lorensen et al., Chap. 25, this volume) .
Sediments from the three deep sites (Sites 994, 995, and 997) and Site 996 are very gassy and undergo vigorous expansion during core recovery. Because gas hydrates actively decompose during core recovery and the curation process, and because obvious gas loss occurs before sampling, various proxy measurements are used to define the in situ distributions of gas and gas hydrate. Pore-water profiles from the three sites show freshening of chloride to depths of ~200 mbsf. From 200 to 450 mbsf, chloride concentrations are highly variable, and characterized by local, anomalous excursions toward lower values. These anomalies indicate that variations of up to 14% in the amount of gas hydrate contained in adjacent samples occur throughout this zone and that finely disseminated gas hydrates, on average, occupy more than 1% of the sedimentary section between 200 and 450 mbsf at all three sites, regardless of whether a BSR is present (Sites 995 and 997) or not (Site 994). Well logs show distinct zones of higher electrical resistivity and sonic velocity that coincide with chloride anomaly occurrences (Collett and Ladd, Chap. 19, this volume) . Vertical seismic profiles indicate that the velocity of sediments above the BSR are not significantly elevated above normal sediment velocities. However, acoustic velocities as low as 1400 m/s were measured immediately beneath the BSR at Site 997 (Holbrook et al., 1996) and are attributed to the accumulation of free gas.
Methane gas volumes measured using the ODP pressure core sampler (PCS) tool are in excess of in situ CH 4 gas saturation in pore water, demonstrating that free gas exists intermittently throughout the sedimentary section below the base of gas hydrate stability. PCS data indicate that the amount of free gas in the sediments beneath the base of gas hydrate stability may exceed the volume stored in the hydrates above (Dickens et al., 1997) . and DSDP Site 533 with respect to the regional BSR (Paull, Matsumoto, Wallace, et al., 1996) .
The results of Leg 164 confirm that marine gas hydrates and the associated dissolved and gaseous phases represent a major methane reservoir. In this paper, we consider the origins of interstitial CH 4 and associated interstitial CO 2 and their relationship to sedimentary organic matter.
Sources of Interstitial Low Molecular-Weight Hydrocarbon Gases and CO 2
In normal marine sediments, distinct sequences of microbial zones occur with sediment burial that influence methane accumulation. In the upper portion of the sedimentary section, microbial CH 4 production is at first inhibited by the presence of sulfate (Martens and Berner, 1974) . Neither significant CH 4 production nor accumulation will occur until the sulfate is substantially depleted. Microbial CH 4 production commences near the base of the sulfate-reduction zone, usually resulting in increasing pore-fluid CH 4 concentrations with increasing depth. This effect is caused by local CH 4 production and the addition of CH 4 , which migrates from greater depths. If CH 4 comes from greater depths, either by diffusion or advection, it may have been produced by either microbial processes or thermal hydrocarbon cracking (Tissot and Welte, 1984) .
Methane
Microbial methane is produced primarily by CO 2 reduction (CO 2 + 4H 2 → CH 4 + 2H 2 O) and acetate fermentation (CH 3 COOH → CH 4 + CO 2 ) with CO 2 reduction primarily dominate in marine systems (Fenchel and Blackburn, 1979) . CO 2 reduction is dependent on a supply of dissolved H 2 , whereas acetate fermentation is usually limited by the amount of acetate available. Both limiting reactants are derived in part from the breakdown of larger organic molecules comprising sedimentary organic matter. Considerable carbon isotope fractionation (commonly 60‰-70‰) is associated with methanogenesis (e.g., Rosenfeld and Silverman, 1959; Whiticar et al., 1986) .
Thermogenic methane is produced as a consequence of thermocatalytic degradation of kerogen at temperatures over ~120°C (Tissot and Welte, 1984) , which, with typical geothermal gradients, requires burial depths significantly greater than ~1 km. Because less fractionation occurs during thermal cracking of kerogen (Schoell, 1983) , the carbon isotopic composition of CH 4 produced from thermal cracking of kerogen is closer to the carbon isotopic composition of its parent sedimentary organic matter.
Interstitial CO 2
Interstitial dissolved CO 2 may be derived from organic sources, which include anaerobic oxidation of organic matter, and abiogenic thermal decarboxylation reactions (Claypool and Kaplan, 1974) . The isotopic composition of the CO 2 that is added to the dissolved inorganic carbon (DIC) pore-water pool by these processes will reflect that of the organic matter from which it is derived (Presley and Kaplan, 1968) . Carbon in the DIC pool may also be supplied from inorganic sources, primarily carbonate dissolution. The isotopic composition of carbon from dissolution of biogenic carbonate rarely varies more than a few parts per million (~2 ppm) from 0‰ (Anderson and Arthur, 1983) .
Dissolved CO 2 sinks include methanogenesis (CO 2 reduction) and authigenic carbonate formation (Rodriguez et al., Chap. 30, this volume) . Authigenic carbonates are precipitated at or near isotopic equilibrium with the dissolved pore-water species (Anderson and Arthur, 1983) . However, methanogenesis preferentially uses 12 CO 2 to form methane, shifting the remaining CO 2 pool toward enriched δ 13 C values.
Low Molecular-Weight Hydrocarbon Gases
The ratio of low molecular-weight hydrocarbon gases (e.g., methane/ethane ratio) and values are commonly used to establish the methane's source. Microbial CH 4 typically has values that range from -90‰ to -55‰ (PDB) and methane to ethane ratios of >1000 (Bernard et al., 1977) . Thermogenic CH 4 typically has values more positive than -55‰ and methane to ethane ratios less than 100 (Bernard et al., 1977) . In addition, values are used to distinguish between the two major microbial methaneproduction pathways (Schoell, 1980; Whiticar et al., 1986) . The hydrogen in CH 4 comes solely from surrounding water if the CH 4 has been produced by CO 2 reduction, whereas three-fourths of the hydrogen in CH 4 comes from organic matter and only one-fourth from water if the CH 4 is produced by acetate fermentation. Thus, in natural systems, CH 4 produced via acetate fermentation characteristically has δD values more negative than -250‰ SMOW), with typical values between -355‰ and -290‰, whereas CH 4 produced from CO 2 reduction is characterized by δD values more positive than -250‰ with typical values near -191‰ ± 19‰ (Whiticar et al., 1986) .
Organic Matter Base Line
In marine sediments, the source for CH 4 and CO 2 carbon is typically sedimentary organic matter. Thus, to understand variations in the isotopic composition of these mobile carbon phases in a sedimentary sequence, it is necessary to establish the elemental and isotopic composition of the organic matter and to document any significant stratigraphic changes in the parental organic matter. Although only a small fraction of the original organic matter in an ancient sediment may survive, the isotopic composition of the remaining organic matter in the host sediments is believed to faithfully reflect the original organic matter source (Meyers, 1994) .
Characteristically, the δ 13 C and δ 15 N composition of bulk sedimentary organic matter depends on whether the carbon and nitrogen came from the atmosphere or seawater, and on the specific biochemical pathways. Tropospheric CO 2 carbon is ~7‰ (Wahlen et al., 1993) , whereas marine bicarbonate is ~0‰ (Anderson and Arthur, 1983) . The carbon fractionation associated with the most common photosynthetic pathway (C3 pathway) is ~-20‰ (Deines, 1980) . Terrestrial organic matter typically has δ 13 C values more negative than -24‰, whereas marine organic matter typically has values more positive than -23‰ (Meyers, 1994) . Similarly, δ 15 N values of bulk sedimentary organic matter are also indicative of the source: values more positive than 7‰ indicate marine sources, and values more negative than 3‰ are characteristic of terrestrial sources (Cifuentes et al., 1988) .
The C:N value of organic matter also reflects its source. Typically marine algae have atomic C:N values between 4 and 10, whereas organic matter produced by terrestrial plants (C3 and C4 pathways), typically have C:N values that exceed 20 (Meyers, 1994) .
Previous Work on Blake Ridge Methane Sources
Deep Sea Drilling Project (DSDP) Sites 102, 103, 104, and 533 were also drilled on the Blake Ridge (Shipboard Scientific Party, 1972; Gradstein and Sheridan, 1983) . Isotopic measurements of the CO 2 gas, DIC, CH 4 , and organic carbon were reported in unprecedented detail from Site 533 to the depth of 399 mbsf (Brooks et al., 1983; Claypool and Threlkeld, 1983; Galimov and Kvenvolden, 1983) . ODP Leg 164 extends the isotopic stratigraphies initially outlined at Site 533 to greater depths (~750 mbsf) and to other sites along the Blake Ridge. 
METHODS
Gas samples were collected during Leg 164 using four different techniques:
1. Free gas samples were extracted by inserting a piercing tool through the core liner and into sediment voids. At shallow depths free core gas was extracted from the core liner by opening a valve to an evacuated container connected to a hypodermic needle. Below about 50 mbsf, the gas within the voids generally escaped under its own pressure into a 60-cm 3 syringe. 2. Short sections of core were sealed in gas collection tubes to collect the gases that evolved from core sections as the cores warmed within the core laboratory (Paull, Matsumoto, Wallace, et al., 1996) . Selected core sections (cut into the standard 1.5-m-long lengths on the catwalk) were placed in 1.54-mlong tubes that were slightly larger in diameter than the core liners. The tubes were constructed from standard PVC schedule-40 pipe sections (ID ~3.5 in) with end caps that were machined so that they would seal on both ends with O-ring-fitted plates that could be bolted on quickly to make a gas-tight seal. Holes were drilled in the core liners just before the cores were sealed in the tube to let gas escape. Thus, all the gas that evolved within the core after they were sealed in the tubes could be collected and analyzed. Gas from each core flowed out one end of a gas collection tube through tygon tubing into an overturned 1-L graduated cylinder, floating in a bath filled with NaCl-saturated water. Because the cylinders were initially water filled, the volume of water displaced by the gas could be measured directly and sampled through luer-lock fittings by 60-cm 3 syringes. 3. The pressure core sampler (PCS) is a downhole tool that seals a small diameter sediment core in an internal chamber at in situ pressure. Upon recovery, the gases within the sealed PCS were vented in a stepwise fashion (Dickens et al., 1997) , and aliquots of the gas were collected for compositional and isotopic analysis. 4. Gas samples were collected from five solid gas hydrate samples that were individually placed in a sealed chamber, quickly evacuated, and allowed to dissociate within the closed vessel (Lorenson et al., Chap. 25, this volume) .
Relative concentrations of methane, carbon dioxide, and major low molecular-weight hydrocarbon gases (ethane, propane, and butane) were measured on shipboard by gas chromatograph (Paull, Matsumoto, Wallace, et al., 1996) . The remaining gas was transferred underwater into inverted 20-mL glass vials, sealed with a rubber stopper, and crimp-sealed with aluminum caps for transport and storage. δ
13
C values of CH 4 and CO 2 were measured with a Finnigan MAT 252 gas-chromatograph-isotope-ratio-mass-spectrometer (GC-IR-MS) at the University of North Carolina-Chapel Hill (UNC-CH) using the methods of Merritt and Hayes (1995) and Popp et al. (1995) . The results of 251 CH 4 and 137 CO 2 gas analyses are reported in Tables 1 and 2 . Twelve samples contained enough ethane for δ 13 C measurements (Table 3) . Forty-one CH 4 -bearing samples were analyzed for their hydrogen isotope composition (Table 4) . Methane was separated using a cryogenic vacuum line and combusted to CO 2 and water. The water was converted to H 2 gas in a reaction with hot zinc and captured in glass break seals (Coleman et al., 1982; Kendall and Coplen, 1985; Hayes and Johnson, unpubl. data) . δD measurements were made with a Finnigan MAT 252 mass spectrometer at UNC-CH.
Pore-water samples were stored in flame-sealed glass ampoules for shore-based isotopic measurement of total DIC. DIC within porewater samples was separated and collected using standard, cryogenic vacuum line techniques (Craig, 1953) . Carbon isotope measurements were made on 105 samples (Table 5 ) using a Delta E mass spectrometer at North Carolina State University.
The bulk organic fraction in 58 sediment samples was analyzed for δ 13 C, δ 15 N, and C:N values (Table 6 ) using a technique modified from Hedges and Stern (1984) . Residual solid phase samples from the shipboard pore-water extraction were broken, and ~50-g pieces from the interior were subsampled and placed in precombusted Pyrex beakers. The samples were freeze dried and then crushed with a mortar and pestle. Dry, powdered samples were placed in a vapor chamber containing 12N hydrochloric acid for 24 hr to remove the inorganic carbon fraction. This technique works well for samples that contain less than 20% CaCO 3 ; samples with more than 20% CaCO 3 are not reported here because of incomplete CaCO 3 digestion. Subsamples were combusted within a Carlo Erba C/N elemental analyzer and passed directly through the Finnigan MAT 252 GC-IR-MS at UNC-CH providing a δ 13 C and δ 15 N value for each sample. Chromatographic peak areas were used to calculate the atomic C:N value for each sample.
Isotopic values are reported with respect to PDB for δ 13 C, SMOW for δD, and air for δ 15 N values. The cumulative (vacuum line, preparation, and mass spectrometer) accuracy of isotopic measurements are +0.2‰ for , , , , , and , and +3‰ for (Neal Blair and Howard Mendlovitz, pers. comm., 1997) . However, because these samples have experienced obvious degassing, we suspect that the intersample variations inherent in the sampling methods far exceed the laboratory errors for the various gas measurements.
RESULTS
Methane Isotopes
The 251 δ 13 C analyses of CH 4 samples collected on Leg 164 have a mean of -68.4‰ ± 7.0‰ and range between -101.3‰ and -61.1‰ (Table 1 ). The stratigraphic profiles of values are indistinguishable between Sites 994, 995, and 997 ( Fig. 2 ). At these three sites, values become more positive with depth from a minimum of -101.3‰ (21.45 mbsf, Site 995) near the top of the methanebearing zone to a stable value of -64.0‰ ± 0.9‰ (n = 65) between 300 mbsf and the bottom of the holes (at 700-750 mbsf). The rate of change in the CH 4 profile is highest near the top of the CH 4 -bearing zone.
Forty-one analyses of δD of the selected CH 4 samples have a mean value of -187‰ ± 20‰ (Table 5) . No stratigraphic variation in the δD values is discernible. No variation in CH 4 isotopic values occurs near the base of gas hydrate-bearing sediments (~450 mbsf) at these sites (Paull, Matsumoto, Wallace, et al., 1996) .
Five gas samples were measured that came directly from decomposing gas hydrate (Table 1 ). The isotopic composition of this CH 4 is indistinguishable from nearby gas samples collected by other methods. The isotopic composition of the CH 4 samples obtained from the PCS is separately considered in a companion paper (Wallace et al., Chap. 10, this volume).
The two measurements available from Sites 991 (40.6 mbsf) and 993 (27.5 mbsf; Fig. 2 ) plot near the trend outlined by gases from Sites 994, 995, and 997. In contrast, the 21 measurements of from Site 996 range from -72.1‰ to -62.5‰ with a mean value of -68.38‰ ± 1.9‰. These samples do not follow the same depth trend seen at Sites 994, 995, and 997 ( Fig. 2 Note: GT = gas tube samples, FG = free gas samples, PW = pore water, GH = gas hydrate samples. Numbers in ( ) = the number of the analyzed gas aliquot from a given PCS core. 
Ethane Isotopes
The 12 measurements of values (Table 3) range from -69.4‰ at 216 mbsf to -63.3‰ at 727 mbsf, with a mean value of -65.7‰ ± 2‰. The values change linearly (R = 0.95) with depth. δ 13 C of CO 2 Gas and DIC At Sites 994, 995, and 997 the δ 13 C values of gaseous CO 2 samples ranged from -20.6‰ to +1.24‰, whereas the values ranged from -37.7‰ to +10.8‰. The δ 13 C values of the CO 2 gas and the DIC samples are generally parallel but offset by ~12.5‰ (Fig. 2) .
The stratigraphic variations in carbon isotopic composition of both the CO 2 in the gas that evolved from the cores (and the parallel values of the measured DIC) reveal distinct depth zones (Fig. 3) . DIC δ 13 C values in the upper 40 mbsf show a sharply defined minimum at 20 mbsf (Figs. 2, 3 ). Above this level there is an approximately linear change in the DIC δ 13 C values that roughly corresponds with a mixing line between overlying seawater DIC (δ 13 C = ~0) and the very 13 C depleted values at 20 mbsf (e.g., 37.7‰ at Site 995). Below ~20 mbsf the DIC δ 13 C values become more positive. The increase over the interval between 20 and 40 mbsf is the most rapid and is almost symmetrical with the decrease occurring over the first 20 mbsf (Fig.  3) . Below 20 mbsf the δ 13 C values increase slowly before reaching a maximum between 120 and 150 mbsf. Below 150 mbsf, the δ 13 C trend of both the DIC and CO 2 gas reverses and linearly (or perhaps asymptotically) converges to within ~3‰ of the organic carbon values at the base of the holes. Site 996 has isotopically distinct CO 2 gas and DIC profiles from those at the deeper sites. The most negative value of (-45.0‰) occurred at a shallow depth of 3.72 mbsf at Site 996 (Fig. 3) . The mean of the eight samples with sub-bottom depths less than 10 mbsf is -38.65‰ ± 4.5‰, whereas the samples below 28 mbsf have a mean value of 5.5‰ ± 6.7‰. The isotopic composition of the carbonates from Site 996 is considered in Naehr et al. (Chap. 29, this volume) .
Organic Carbon Characteristics
Values of δ 13 C of bulk organic carbon at Sites 994, 995, and 997 range between -19.7‰ and -25.4‰, with a mean value of -22.0‰ ± 1.4‰ ( Fig. 2; Table 6 ). δ 15 N values of the same sedimentary organic matter samples range from 3.2‰ to 6.8‰ with a mean value of 5.6‰ ± 0.7‰ (Table 6 ). The mean value for the C:N value in all these samples is 8 ± 2 (Table 6 ). Although the values in the upper hundred meters show more scatter, no significant stratigraphic trends are revealed by these data.
DISCUSSION
Bulk Organic Matter Composition
Measurements of the isotopic values of both δ 13 C and δ 15 N contained in the organic matter in the Blake Ridge sediments at Sites 994, 995, and 997 characterize the source of the sedimentary organic matter. Mean δ 13 C values (-22.0‰ ± 1.4‰) and δ 15 N values (5.6‰ ± 0.7‰), plus the low C:N values (8 ± 2), indicate that the source of the sedimentary organic matter is largely marine (Meyers, 1994) .
The stratigraphic uniformity of the organic carbon profile defines a constant baseline (i.e., -22.0‰ ± 1.4‰) for the organic carbon pool. The lack of significant stratigraphic variation in the δ 13 C (Fig. 2 ), δ 15 N, and C:N values of bulk sedimentary organic carbon sampled from Blake Ridge sediments indicates that the character of the organic matter supplied to the Blake Ridge has not changed significantly throughout the sections sampled at Sites 994, 995, and 997. The variation in the isotopic composition of the host organic carbon is too small to be a major factor in generating the observed isotopic changes in the CH 4 and dissolved CO 2 pools.
Offset Between δ
13 C Values of CO 2 Gas and DIC A significant isotopic offset (~12.5‰) exists between the δ 13 C values of CO 2 gas and DIC. A similar offset (~10‰) was reported between these pools at DSDP Site 533 (Claypool and Threlkeld, 1983) . The offset is presumed to be an artifact of CO 2 outgassing during sediment recovery. A significant equilibrium carbon isotope fractionation (8.38 ± 0.12‰, at 20°C; Emrich et al., 1970) occurs between bicarbonate and gaseous CO 2 . However, the observed δ 13 C offset is larger than equilibrium predicts.
Gas phases are only generated when saturation occurs during core recovery, largely as a consequence of the large decrease in pressure between the subseafloor and the surface. Because CH 4 (Duan et al., 1992) , but not CO 2 (Weiss, 1974) , becomes supersaturated as these cores are recovered, the majority of the original CH 4 in the sediments below ~100 mbsf is lost during the core-recovery process (Dickens, et al., 1997) . In fact, comparisons between the volume of gas in PCS samples and traditional headspace gas measurements below 300 mbsf indicate that ~99% of the original CH 4 escapes during the recovery process. We infer that the DIC pool is sparged during CH 4 degassing, and thus much of the original in situ DIC pool is lost as CO 2 gas. A consequence of this loss is that the DIC and CO 2 gas pools become fractionated relative to each other. Thus, the measured pore-water DIC isotope values reflect the residual DIC in the pore water after vigorous degassing and fractionation and not the isotopic composition of the original DIC pool.
The values should accurately reflect the composition of the in situ DIC pool until CH 4 saturation occurs (~30 mbsf). Below this level the original (predegassing) δ 13 C values of the DIC pool probably lie somewhere between the measured CO 2 gas and DIC values, but closer to the CO 2 gas values, because these samples may more accurately reflect the majority of the original gas volume. In this paper, DIC δ 13 C values are used to describe the changes in the CO 2 pool in the upper 50 mbsf (the approximated depth at which visually obvious degassing started), and δ 13 C values of CO 2 gas are used below this level.
Origin of In Situ DIC
The distinct minimum of DIC carbon isotopic composition at ~20 mbsf is believed to be associated with a zone of active anaerobic methane oxidation (AMO; Reeburgh, 1976 Reeburgh, , 1980 . This minimum corresponds with the sulfate-methane interface (Borowski et al., 1997) . Within this AMO zone, 13 C-depleted carbon obtained from CH 4 oxidation is added to the DIC pool. Consequently, 13 C-depleted DIC has diffused both upward and downward, depressing the δ 13 C values significantly below the organic carbon baseline (-22‰). The processes that occur at the sulfate-methane interface are treated in greater detail elsewhere (Borowski et al., 1997, and Chap. 9, this volume) . The δ
13
C value of the shallowest CO 2 gas sample from Site 994 (34.9 mbsf, -20.6‰) is slightly 13 C enriched compared to the sedimentary organic carbon base line. From this level down to ~120 mbsf, the δ 13 C values of CO 2 gas shift toward increasing 13 C enrichment. The observed maximum in δ 13 C values of both CO 2 gas and DIC between 120 and 150 mbsf (Fig. 2) requires addition of carbon with an isotopic composition enriched in 13 C, and/or preferential subtraction of 13 C-depleted carbon relative to the sedimentary organic carbon.
Although biogenic carbonates are enriched in 13 C with respect to organic carbon (Rodriguez et al., Chap. 30, this volume), it is unlikely that the addition of carbon from the dissolution of biogenic carbonate is responsible for the 13 C enrichment in the dissolved CO 2 pool. The δ 13 C value of the CO 2 gas never gets more enriched than biogenic carbonate carbon (~0‰-2‰), but does converge with the biogenic value. Thus, if biogenic carbonate was the source for the depleted carbon, the majority of the carbon in the CO 2 gas would need to have come from biogenic carbonate dissolution. In contrast, the δ 13 C values in the DIC samples are significantly enriched over the biogenic carbonate; thus their values cannot be explained by biogenic carbonate dissolution. Furthermore, carbonate textures and the pore-water chemistry suggest that carbonate precipitation, rather than dissolution, is occurring in this interval (Rodriguez et al., Chap. 30, this volume) . The 13 C enrichment in the CO 2 pool probably results from fractionation of the dissolved CO 2 pool during CH 4 formation by CO 2 reduction. The residual CO 2 pool becomes 13 C enriched as 12 C-enriched DIC is selectively removed to form CH 4 by CO 2 reduction (Whiticar et al., 1986) . Thus, the observed shift in the δ 13 C values and resulting minimum at 120-150 mbsf is consistent with CH 4 formation via CO 2 reduction as previously inferred at Site 533 (Claypool and Threlkeld, 1983; Galimov and Kvenvolden, 1983) .
Microbial Origin of Methane and Ethane
We interpret the low molecular-weight hydrocarbon gases recovered during Leg 164 to be produced primarily by microbially mediated CO 2 reduction. All the measured CH 4 samples have δ values more negative than -61‰ and previously reported methane to ethane ratios show a mean value of ~10,000 with a range of 700-39,000 (Paull, Matsumoto, Wallace, et al., 1996) . These values are similar to those measured at Site 533 (Brooks et al., 1983) and consistent with CH 4 of microbial origin (Fig. 4) . The range and mean values of both CH 4 δ 13 C (-101.3‰ to -61.1‰; -68.4‰ ± 7.0‰) and δD (-256‰ to -136‰; -187‰ ± 20‰) (Fig. 5 ) are also consistent with the range of values characteristically associated with CH 4 produced via CO 2 reduction (Whiticar et al., 1986) . The causes of variation in ethane δ 13 C values are not well established for biogenic gas deposits (Schoell, 1983) , in part because ethane by definition comprises less than 0.1% of biogenic gas deposits (Bernard et al., 1977) . However, small amounts of ethane are also produced by microbial processes (e.g., Vogel, 1982; Oremland et al., 1988) . Whereas ethane δ 13 C values typically are 5‰-10‰ enriched in 13 C relative to methane, they ultimately are sensitive to the available organic carbon base line. The mean δ 13 C value of the Blake Ridge ethane is ~44‰ depleted with respect to the host organic carbon. Similar fractionation elsewhere has been interpreted as being consistent with the ethane being of microbial origin (Waseda and Didyk, 1995) . 
Methane Isotope Variations
The broad changes in the isotopic composition of CH 4 reveal three subzones:
1. The values are extremely depleted at the top of the methane-bearing zone (-101‰ at -21.44 mbsf at Site 995). 2. Between 20 and 300 mbsf, the CH 4 becomes progressively more 13 C enriched. 3. Below 300 mbsf, the values are uniform (-64.0‰ ± 0.9‰). Very negative values are known to occur at the top of the methane-bearing zone throughout this region and numerous other similar locations worldwide (Borowski et al., 1997 ). The extremely depleted values (e.g., ~-100‰) found near the sulfate-methane interface (SMI) are in part a response to local CH 4 recycling (Borowski et al., 1997) . At the SMI, extremely 13 C-depleted CO 2 (i.e., -37.7‰, 20.40 mbsf, Site 995) is derived AMO. Thus, CH 4 produced from this CO 2 pool (via CO 2 reduction) will exhibit progressively larger 13 C depletion. Although, 13 C depletion extends throughout the upper ~300 mbsf, it is implausible that adequate amounts of isotopically light, recycled CH 4 produced via AMO are diffusing far enough downward, against the CH 4 concentration gradient (Dickens et al., 1997) , to produce the observed δ 13 C trend between ~30 and 300 mbsf.
The downhole shift in the CH 4 isotope δ 13 C values may reflect changes in the isotopic composition of the DIC pool as a consequence of CO 2 reduction. A similar pattern seen at DSDP Site 533 was interpreted to be a result of Rayleigh fractionation associated with CO 2 reduction (Claypool and Threlkeld, 1983) .
Below ~300 mbsf, values remain nearly constant (-64.0‰ ± 0.9‰) to the bottom of the holes (700-750 mbsf). Similarly, values do not change throughout the holes. The uniformity in the isotopic composition of the CH 4 pool below 300 mbsf suggests that the majority of the CH 4 below this level was produced by the same process. No detectable change in the CH 4 isotope values is associated with the BSR at ~450 mbsf (Holbrook et al., 1996) .
Relationship Between CH 4 and CO 2 Isotope Trends
Data from DSDP Site 533 suggests that the offset between values and the δ 13 C values of DIC and CO 2 gas remain constant with depth (Galimov and Kvenvolden, 1983) . However, the somewhat steeper geochemical gradients and the greater sample depths achieved during Leg 164 reveal a more complex depth relationship. Both the δ 13 C values of CO 2 gas and DIC from Sites 994, 995, and 997 clearly decrease with depth below 160 mbsf and thus the offset between the δ 13 C values of CH 4 and CO 2 gas (or CH 4 and DIC) also decrease with depth (Fig. 6) . The difference between the isotopic composition of the CO 2 gas and CH 4 is at a maximum of ~-72‰ at 120-150 mbsf (Fig. 6) . This difference is equivalent to a fractionation factor of 1.077, which is commonly observed for CH 4 in marine sediments associated with CO 2 reduction (Whiticar et al., 1986) . This difference decreases with depth to ~-46‰ at the base of the section, where the fractionation factor is 1.049, still within the range of fractionation factors that have been observed for CO 2 reduction elsewhere (Whiticar et al., 1986; Whiticar, 1994) . Therefore, this isotope data is consistent with CO 2 reduction being the dominant methanogenic process in these sediments. Wellsbury et al. (1997) report that sediments at Site 995 contain surprisingly large amounts of acetate at depth. Acetate concentration is low near the surface (7 µM at 0.5 mbsf) and remains low for the next few hundred meters, but starts to increase sharply below 350 mbsf reaching 15,285 µM in the deepest sample (691 mbsf). Acetate is an important substrate for several microbial processes, hence, its interstitial concentrations are generally very low because of rapid turnover. Wellsbury et al. (1997) interpreted the acetate inventories as being a consequence of increased bacterial activity at these depths, largely because of increased temperature. Laboratory experiments show that over short time periods, acetate formation is enhanced by sediment heating. Furthermore, they implicitly assume that the elevated acetate concentrations result in increased CH 4 production.
Conflicting Microbial Interpretations
One problem that Wellsbury et al. (1997) recognize with their interpretation is that their hypothesis predicts that a substantial contribution to the CH 4 pool should come from acetate below 350 mbsf. Traditional interpretation of the expected range of CH 4 , δD, and δ 13 C values does not indicate CH 4 production via acetate formation. In de- Figure 4 . Plot of the methane to ethane ratios vs. the CH 4 =δ 13 C values for gas samples collected on Leg 164. Ranges that are characteristic of biogenic and thermogenic gas are indicated (after Bernard et al., 1977). fense of this, Wellsbury et al. (1997) suggest there may be "a significant deuterium exchange during acetate methanogenesis" in situ, which does occur in culture experiments (e.g., de Graaf et al., 1996) . Unfortunately, it is unclear the extent to which isotopic exchange observed during inherently rapid culture experiments reflects natural systems where the processes are much slower and the reactants are limited (e.g., Burke, 1993; Sugimoto and Wada, 1995) . Although the robustness of using the δD and δ 13 C ranges to interpret the origins of the gas remains in question, we doubt that a significant shift from CH 4 production by CO 2 reduction to acetate fermentation would not result in a detectable affect in the CH 4 , δD, and δ 13 C values.
Although Wellsbury et al. (1997) were specifically discussing a different microbial population (e.g., acetate fermenters), the interpretation of increased microbial activity with depth conflicts with our data and model results. We suggest another explanation for the presence of acetate. Whereas the observed increase in acetate strongly suggests that some acetate production by microbial fermentation is continuing to occur within sediments at these burial depths, the increase in acetate concentration indicates that consumption of acetate is no longer occurring at rates sufficient to deplete the acetate pool size. Moreover, because the CH 4 in the upper ~350 mbsf does not have an isotopic composition that reflects the acetate pathway, acetate production may be a relatively insignificant process throughout this sediment column. If so, the concentration of CH 4 at depth is largely a consequence of CH 4 migration, not local production (Paull et al., 1994) .
Mass Balance Considerations
Mass balance calculations indicate that the CH 4 and CO 2 reservoirs cannot be solely derived from the host sedimentary organic carbon. For example, if at 150 mbsf the CH 4 carbon (-71‰) and CO 2 carbon (-1‰) are derived from the sedimentary organic matter (-22‰) in a simple closed system, then the concentration of CH 4 should be ~30% of the total carbon gas pool. However, PCS data indicate that CH 4 comprises ~95% of the total pool (Paull, Matsumoto, Wallace, et al., 1996) . Thus, the composition of the CH 4 and CO 2 pools does not balance with the available organic carbon. Therefore, additional sources and/or sinks for carbon are important.
The only clearly identified sink in these sediments that is capable of removing a significant volume of isotopically enriched carbon is authigenic siderite formation (Rodriguez et al., Chap. 30, this volume) . Siderite occurs in these holes below ~150 mbsf at the 2 to 4 wt% levels and has δ 13 C values that range between 4‰ and 11‰, with a mean value of ~+8‰ (Rodriguez et al., Chap. 30, this volume) . Siderite formation does not result in significant carbon isotope fractionation. Thus, while removal of siderite carbon could produce a mass balance at ~150 mbsf, it does not help explain the smoothly varying carbon isotope profiles with depth.
Conversely, CH 4 and CO 2 migration are potentially major sources of additional carbon. The PCS data show that the total methane and CO 2 concentrations continue to increase below the base of gas hydrate stability (~450 mbsf) and remain high to the depth of the lowest successful PCS samples (560 mbsf) (Paull, Matsumoto, Wallace, et al., 1996; Dickens et al., 1997) . Thus, CH 4 and CO 2 should at least be diffusing upwards along a concentration gradient from the underlying large gas reservoir.
Model Isotope Profile Simulation
A series of different isotope and mass balance models were run to simulate both closed-and open-system conditions with respect to observed δ 13 C profiles for CH 4 and CO 2 . All the models are based on initial concentrations and isotopic compositions of dissolved CH 4 (15 mM and -90‰) and CO 2 (20 mM and -22‰), like those measured at 35 mbsf at Sites 994, 995, and 997. Changes in the isotopic composition of the carbon pools were computed using a Rayleigh fractionation model with a fractionation factor of 1.06, which is typical for CH 4 production via CO 2 reduction (Whiticar et al., 1986) .
Our initial model further tested whether the concentrations and isotopic composition of the major carbon-bearing reservoirs (CH 4 and CO 2 ) could be derived in a closed system from CO 2 reduction (Fig. 7A) . Closed-system model results failed to reproduce the observed isotopic values, concentrations, and profile curvatures. Moreover, addition of CO 2 (to simulate the DIC increase that could occur within a closed system) through organic matter decomposition (22‰) or carbonate dissolution (~0‰) does not improve model results. Previous attempts to model gas compositions from the Blake Ridge as a closed system at Site 533 also failed (Claypool and Threlkeld, 1983) . Claypool and Threlkeld (1983) attributed the failure of the closed system model to the addition of gas from below.
A second model considered the consequences of adding CH 4 and CO 2 , thus simulating the effect of upward gas migration through the sediment column. In this migration model, a fixed amount of CH 4 and CO 2 were added at each step, and a constant proportion of the added CO 2 was reduced to CH 4 as if by CO 2 reduction. Isotopic values were computed using a Rayleigh fractionation model (after Ussler and Paull, 1995) , and isotope pool values were computed using a linear mass fraction mixing model (Gregory and Criss, 1986 ). This gas migration model (Fig. 7B) replicates the main characteristics seen in the upper portion of the observed CH 4 -isotope profiles (Fig. 2) when increasing amounts of carbon are added and when the majority (99%) of the CO 2 is transferred to CH 4 at each step. Lower transfer efficiencies cannot reproduce the curvature and light isotopic values either. Initial model values of the CO 2 pool are also generally concordant with observed data. However, the consequence of the efficient CO 2 to CH 4 transfer is that the residual CO 2 pool becomes unrealistically enriched in 13 C as the model runs. Moreover, the δ 13 C values of CO 2 and CH 4 values do not converge in this model, as they do in the observed data (Fig. 2) .
A third model simulates the effects of progressive reduction in microbial activity with depth. This model is the same as the second model except the transfer efficiency was incrementally decreased to zero (Fig. 7C) . Model results reasonably reproduce the observed isotopic values, concentrations, and profile curvatures (Fig. 2) . The results of these models indicate that the isotopic data can be best explained as a consequence of the incremental addition of both CO 2 and CH 4 , along with a progressive decrease in microbial activity with depth.
CONCLUSIONS
Measurements were made of δ 13 C and δD on CH 4 and CO 2 gas evolved from cores, pore-water dissolved inorganic carbon The isotopic depth profiles from three sites (Sites 994, 995, and 997) drilled along a ~10-km-long transect across the Blake Ridge are indistinguishable and show distinct depth trends in the δ 13 C values of DIC, gaseous CO 2 , and CH 4 . Mean values of sedimentary organic matter (δ 13 C = -22.0‰ ± 1.4‰, PDB; δ 15 N = +5.6‰ ± 0.7‰, air; and C:N values = 8 ± 2) suggest that the ultimate source for the majority of the organic matter is marine. Because significant stratigraphic variation in the organic matter does not occur, variations in the organic carbon source are not a major factor in generating variations in the isotopic composition of DIC, gaseous CO 2 and CH 4 . δD values of CH 4 also do not vary with depth.
Distinct variations in δ 13 C profiles of CO 2 gas and DIC samples with depth parallel each other with an offset of 12.5‰ over the interval that they both could be sampled. Detailed shallow (<50 mbsf) DIC δ 13 C profiles (largely from Site 995) diverge from seawater-like values to a sharply defined minimum of -37.7‰ (PDB) at the base of the sulfate-reduction zone (~20 mbsf). Collection of gaseous CO 2 requires sufficient gas evolution within the core to create gas voids. The shallowest CO 2 gas sample (34.9 mbsf; Site 997) had a δ 13 C value of -20.6‰. With increasing depth, the δ 13 C values of CO 2 and DIC increase to a broad maximum between 120 and 150 mbsf, where the highest values of 1.1‰ (CO 2 gas) and 10.8‰ (DIC) occur. Below 150 mbsf, the values decrease linearly with depth. At the top of the CH 4 -bearing zone (>20 mbsf), values are very negative (-101.3‰, Site 995 at ~21.45 mbsf) and increase smoothly downward to a nearly constant value of -64.0‰ ± 0.9‰ below ~300 mbsf. The difference between the CH 4 and CO 2 isotopic values is not constant with depth and shows a distinct maximum between 120 and 150 mbsf. Models of how the isotopic composition of the CO 2 gas (or DIC), CH 4 , and host organic carbon in these sediments change with depth indicate that a closed system with respect to carbon has not occurred during diagenesis. The models require that the CH 4 and CO 2 pools are decoupled from each other. Open-system models where the majority of CH 4 and CO 2 (>90%) are added into the system from below, and where the extent of the microbial activity decreases with depth, fit the data well. Thus, the high concentrations of CH 4 and CO 2 at Sites 994, 995, and 997 are interpreted to result from migration of CH 4 and CO 2 from depth rather than local production.
The isotopic stratigraphies at Site 996 (located at a fault conduit over the Blake Ridge Diapir) differ from all other Leg 164 sites. DIC δ 13 C values as light as -45‰ at 3.96 mbsf suggest that the carbon was derived from methane. Here, upward advection of CH 4 and increased amounts of anaerobic methane oxidation near the seafloor where seawater sulfate is encountered dramatically affect the isotopic composition of the CO 2 pool in the top 10 mbsf. , and (C) are shown. In (A), increments are steps in a Rayleigh fractionation (α = 1.06) a closed system. Model steps in (B) and (C) represent stepped increments of CH 4 and CO 2 added to the system. In (B), the transfer fraction from the CO 2 pool to the CH 4 pool is constant at 0.99, and in (C), the transfer fraction decreases linearly from 0.99 at the top to 0 at the indicated level. Below this level, isotopic changes are solely due to mixing with an infinite gas reservoir. In (B) and (C), isotope values are computed using Rayleigh fractionation (α = 1.06) and linear mass fraction mixing.
